Two recent major swarms in Western Bohemia occurred in the years 2000 and 2008 within almost the same portion of a fault close to Novy Kostel. Previous analysis of the year 2000 earthquake swarm revealed that fluid intrusion seemed to initiate the activity whereas stress redistribution by the individual swarm earthquakes played a major role in the further swarm evolution. Here we analyse the new swarm, which occurred in the year 2008, with regard to its correlation to the previous swarm as well its spatiotemporal migration patterns. We find that (i) the main part of the year 2008 activity ruptured fault patches adjacent to the main activity of the swarm 2000, but that also (ii) a significant overlap exists where earthquakes occurred in patches in which stress had been already released by precursory events; (iii) the activity shows a clear migration which can be described by a 1-D (in up-dip direction) diffusion process; (iv) the migration pattern can be equally well explained by a hydrofracture growth, which additionally explains the faster migration in up-dip compared to the down-dip direction as well as the maximum up-dip extension of the activity. We use these observations to estimate the underlying fluid pressure change in two different ways: First, we calculate the stress changes induced by precursory events at the location of each swarm earthquake assuming that observed stress deficits had to be compensated by pore pressure increases; and secondly, we estimate the fluid overpressure by fitting a hydrofracture model to the asymmetric seismicity patterns. Both independent methods indicate that the fluid pressure increase was initially up to 30 MPa.
I N T RO D U C T I O N
In contrast to aftershock sequences, earthquake swarms define space-time seismicity clusters, which are not directly triggered by stress perturbations related to a dominant earthquake. Instead, swarm activity is likely to result from stress changes associated with underlying aseismic processes such as pore pressure changes (Miller et al. 2004) , magma intrusion (Toda et al. 2002) or slow slip events (Holtkamp & Brudzinski 2011) . All these aseismic processes are in general not directly observable. However, the analysis of the spatiotemporal swarm characteristics, particularly the migration pattern, can help to retrieve important information about the underlying mechanism.
The region in West Bohemia/Vogtland, Central Europe ( Fig. 1) , is well known for episodic occurrence of earthquake swarms with the most intensive earthquake activity recorded in the years 1896/97, * Now at: GFZ German Research Centre for Geosciences, Telegrafenberg, 14473 Potsdam, Germany. 1903, 1908/09, 1985/86, 2000, 2008 and 2011 . In this region, about 90 per cent of the seismic energy has been released in the focal zone of Novy Kostel (NK) in the last 50 years (Fischer & Michalek 2008; . Due to the presence of close-by CO 2 emanations and observed correlations of their isotopic content with swarm activity (Braeuer et al. 2007 ), intrusions of fluid or magma are likely to be one of the driving forces of the observed earthquake clusters. Since 1994, the Novy Kostel area has been monitored by the local seismic network WEBNET providing high data quality, which enable detailed studies of the triggering mechanisms and driving forces of the West Bohemia/Vogtland swarms based on seismicity data. Hainzl & Fischer (2002) investigated the statistical and space-time characteristics of the 2000 swarm and concluded that the swarm activity corresponds to a progressive stick-slip rupturing on a single fault plane. Their conclusion was supported by the fact that the spatial spreading and the cumulative seismic moment release followed the typical relationship for earthquakes. Furthermore, they found that individual earthquakes triggered aftershocks near the border of their rupture area, which resulted in self-organization of the activity due to local stress Figure 1 . Map of the Vogtland/NW-Bohemia earthquake swarm area with its fault structure (line segments). The WEBNET stations which provided the data for this study are denoted by triangles. Circles denote earthquake epicentres where the cluster close to the station NKC is related to the swarm activity in the year 2000 and 2008. transfers. A detailed analysis of the space-time relation between event pairs within the 2000 swarm revealed that both static and dynamic Coulomb stress changes resultant from co-seismic slip contributed significantly to the triggering of swarm events (Fischer & Horalek 2005) . However, the different character of the first swarm phase with higher b-value of the magnitude-frequency distribution and the non-power law distribution of interevent times indicate that external forcing (injection) initiated the swarm activity (Hainzl & Fischer 2002 ). This interpretation was confirmed by the application of the epidemic type aftershock sequence (ETAS) model showing that the coseismic stress transfer induced most of the swarm events but that external forcing had taken place in the beginning of the activity (Hainzl & Ogata 2005) . Further indications for underlying fluid/magma intrusions come from the observed diffusion-type hypocentre migration and the geometrical spreading (Parotidis et al. 2003; Dahm et al. 2008) .
In this study, we exploit the occurrence of the subsequent swarm in the year 2008, which reruptured almost the same fault area (see Fig. 2 ). In particular, we investigate this new large swarm to get quantitative estimates of the underlying fluid pressure changes. For that purpose, we use two approaches based on (i) stress calculations yielding the stress deficit, which has had to be compensated by a pressure increase in reruptured area; and (ii) fitting a hydofracture model to the observed anisotropic migration pattern. In the remainder of the paper, we will show that both independent approaches result in very similar pore-pressure estimates.
S WA R M DATA
The 2008 swarm occurred in the period from 2008 October 5 to mid-December 2008 with the main activity lasting till the beginning of November 2008. It has ruptured the same segment of the fault plane as the swarm in the year 2000. Indeed, the cross-fault relative locations of the two swarm activities do not allow to clearly separate hypocentres of the two swarms (see Fig. 2 ). Despite its short duration (4 weeks of main swarm period compared to 10 weeks for the 2000 swarm), the total seismic moment was three times larger for the 2008 swarm compared to the 2000 swarm (4 × 10 16 Nm compared to 1.4 × 10 16 Nm). Most focal mechanisms from the NK area show rather monotonous pattern of oblique left lateral strike-slip faulting, which matches well the orientation of the main fault plane mapped by the seismicity (Fischer & Horalek 2005) . The overall hypocentre distribution indicates a fault plane striking approximately 170
• and dipping 80
• westward in depths between 6 and 11 km (Fischer & Horalek 2003) . However, the fault system north of the 2000 and 2008 swarms has possibly branches with different orientation. This is indicated by the source mechanisms of the 1997 swarm (the 1997 swarm locations are in light blue in Fig. 2 ), which have shown larger variety of fault types and also significant non-double-couple components (Dahm et al. 2000; Horalek et al. 2002) .
The earthquake swarm activity was recorded by the WEBNET local seismic network, which is deployed in a small area of approximately 500 km 2 and consists of 13 short-period stations (1 or 2 s, three-component seismographs) . To achieve the best location accuracy, a high sampling rate of 250 sps is used. Several selected stations are situated directly in the areas of earthquake clusters to fix the hypocentre depth. For the year 2000 and 2008 swarms, the epicentral distance of the closest station NKC ranged from 0.5 to 3 km. The catalogue data are the master-event locations based on precise arrival time readings (Fischer & Horalek 2005; Fischer et al. 2010) . The average relative location error is approximately 75 m in the epicentre coordinates and 150 m in depth. The investigated catalogue including the swarms in the years 2000 and 2008 is estimated to be complete for M L ≥ 0.5.
ANALYSIS
We fitted a fault plane to the combined data set of all well-located earthquakes occurred during the year 2000 and 2008 swarms with M L ≥ 0.5 excluding earthquakes with location error larger than 1 km. This data set consists of 2459 events in the year 2000 and 2563 events in the year 2008. The fit has been done by least-square where the orthogonal distance of the hypocentres to the plane have been minimized. The fitted plane (strike = 176
• ; dip = 74 • ) is in general agreement with focal mechanisms. The distribution of the off-fault distances has a standard deviation of approximately 140 m, which is in the same order as the location error. Therefore, we assume in the following that the deviations from the plane mainly result from location uncertainties and analyse only the projections of the hypocentre locations on the fault plane. Fig. 3 shows the magnitudes as a function of the occurrence times of the earthquakes within the swarm in the year 2008 as well the projections of the hypocentres on the fitted plane. A clear migration of the activity with time is visible, which we analyse in more detail in Subsection 3.3.
Spatial relation of the swarm 2000 and 2008 activity
At first, we explore the relative position of both swarms occurred in 2000 and 2008. The characterization of the spatial relationship can help to reveal the underlying triggering process. Although repeated earthquake occurrence on the same location can only be explained by a loading process (such as fluid intrusion or tectonic loading), earthquake activity at the edges of precursory activity can be simply related to stress triggering. In the latter case, positive stress transfers from precursory ruptures bring faults closer to instability and thus explains the nucleation of subsequent events. To judge this point, the analysis of the spatial interrelation should consider location errors as well as cumulative slip. For that purpose, we calculated at first the event density of the individual swarms on the fault plane by smearing each location of the M L ≥ 0.5 events with a Gaussian distribution. Here, the standard deviation is set equal to the location error of the event. To highlight the areas dominated by one or the other swarm, we determined the difference between the densities of both swarms. The result is plotted in Fig. 4 To quantify the swarm complementarity, we calculated, besides the event density, also the seismic moment density (cumulative slip) along the fault plane for both swarms. For that, we assumed that all slip occurred on the fault plane and sum the dislocations of all M L ≥ 0.5 events on each point. The circular area (with radius R) and slip d of each earthquake were calculated from the earthquake magnitude according to complementarity of the two swarms is not perfect. For example, the highest cumulative slip of the 2008 swarm occurred close to the plane coordinates (−1.5, −0.5) in an area that experienced already significant slip during the 2000 swarm. In the next section, we calculate the related stress changes to estimate the external forcing, which was necessary for the reactivation of the same fault patch.
Stress deficits estimated from cumulative coseismic stress changes
As shown in the previous section, the size of the rupture plane can be scaled if a constant stress drop is assumed. Based on this, we are now able to estimate the relative stress state at the nucleation time and location of each earthquake. To be clear, we are not calculating absolute stresses, which cannot be estimated from seismic signals alone. In fact, we want to quantify the amount of stress deficit, which seemed to be balanced by aseismic sources to explain earthquake nucleation in some locations. For this purpose, we analysed the cumulative stress changes before each individual earthquake, which are related to the occurrence of all preceding events. Because we consider a rather small seismogenic volume (approximately 3 km × 3 km) in 7-10 km depth, the effect of the free surface is negligible for the stress calculations at the hypocentre locations. Consequently, the Coulomb Failure Stress changes CFS on the fault plane are dominated by the shear stress change only, that is, CFS ≈ τ s , where τ s is the shear stress change calculated along the slip direction, which is defined by the rake angle (Harris 1998) . We assume for all events a rake value of −30
• , which is the average value found for the earthquakes on the main fault patch activated by the 2000 and 2008 swarms (Fischer & Horalek 2005) . The shear stress contribution of each individual earthquake is calculated from the analytic solution for a circular crack (constant stress drop inside the rupture), for example, given by Andrews (1974) , which only relies on the source radius and stress drop. Consequently, the stress calculations depend only on the assumed stress drop, because the source radius is directly related to the stress drop and the observed seismic moment of the earthquake (see point (ii) in Section 3.1). Fig. 6 shows the calculated cumulative stress changes after the swarm 2000 assuming an earthquake stress drop of 1 MPa. The comparison with the locations of the swarm 2008 events indicates that many swarm 2008 events occurred in areas where stresses were already released during the swarm activity in the year 2000.
We analyse the time-dependent stress triggering effect, that is, the triggering conditions for each individual event, by calculating the pre-seismic stress changes CFS at each location of the swarm 2008 events. The CFS-value for one event was calculated from summing the stress changes of all earthquakes preceding this event during the swarm activity occurred in the years 2000 and 2008. We find that only about 38 per cent of the M L ≥ 0.5 events nucleated in locations loaded by prior activity (positive stress change), while 62 per cent events occurred in regions unloaded by the preceding activity, so-called stress shadows. The corresponding distribution function of CFS-values is shown in Fig. 7(a) .
This result seems to indicate that earthquake interactions via static shear stress changes do not play any significant role during the swarm evolution. However, we have to judge whether or not the involved uncertainties really allow the conclusion that earthquakerelated stress triggering is irrelevant. For this purpose, we repeated the same analysis for synthetic earthquake catalogues of the swarm 2008, which perfectly follow the rules of earthquake-earthquake triggering. We constructed these catalogues in a way that the total number of events as well as the magnitude series remained unchanged, while the locations of individual earthquakes were chosen randomly from the observed hypocentre distribution under the constraint that CFS (related to all preceding events including the swarm 2000 events) is positive at the occurrence time and location of this event. Locations are preferred which have not ruptured before, however, if stresses are negative on all of these locations, rerupturing of previously ruptured locations is allowed. The green curve in Fig. 7(a) shows the results for those synthetic catalogues. As constructed, positive stress values are found in all locations and the distribution is clearly different from the observation. However, such a positive earthquake-earthquake stress-trigger effect is only found if any variability and uncertainty is neglected. The results change significantly, if realistic stress drop variability and location uncertainty are considered. In this case, the stress drops in the synthetic simulations were randomly taken from a log-normal distribution where the standard deviation of the log 10 ( τ )-values was set to 0.5. For our standard choice of 1 MPa average stress drop, this leads to a standard deviation of the τ -values of √ e ≈ 1.65 equivalent to a 5 and 95 per cent quantile of 0.1 and 3.4 MPa, respectively. This τ -variability is projected through the source radii into the variability of CFS. In addition, we added an observational error to each hypocentre coordinate according to a normal distribution with standard deviation of 100 m in each direction, which is an realistic estimate of the true location error. We repeated the stress-change analysis without knowledge of the true stress-drops and locations. As a result of the uncertainties, the outcome changes strongly. Even in this synthetic case where earthquake-earthquake triggering is known to be responsible for 100 per cent of the earthquake nucleations, the analysis identifies only a percentage of 42 ± 1 with positive stress-value. This strong reduction is related to the dense earthquake clustering, which amplifies the impact of the uncertainties. The resulting value for the synthetic catalogs is close to the observed value of 38 per cent for the real catalogue. Furthermore, the distribution of positive CFS-values is almost identical to that for the synthetic catalogues (see Fig. 7 ). Thus, due to the involved uncertainties, we can neither confirm nor rule out the importance of stress-triggering.
Although the distribution of the positive stress values is almost indistinguishable to that expected in the case of stress-triggering, the distribution of negative stress values is significantly different. The real data show much higher negative values than could be solely explained by the involved uncertainties. This becomes clear from Fig. 7(b) , where the difference between both distributions is shown for different assumptions of the average stress drop. Although our results slightly depend on the assumed stress-drop value, the most significant deviations always occur in the range between 10 and 20 MPa. From physical point of view, earthquake nucleation within areas, which have been recently unloaded, cannot be explained without assuming an additional stress source in the form of aseismic loading. Tectonic forcing is very slow in the studied intracontinental region and cannot explain a reloading in the range of tens of MPa. We postulate a fluid intrusion as a likely loading process, because it leads, on the one hand, to a shear stress increase in the surrounding rock and, on the other hand, to a pore pressure increase in the fault which both increases the CFS-value. In terms of Mohr-Coulomb diagram, a pore pressure increase corresponds to a shift of the Mohr circle to the smaller effective normal stresses, and the subsequent shear event results in the decrease of differential stress expressed by the decrease of the radius of the Mohr circle, as illustrated in the schematic diagram in Fig. 8 . To compensate a shear stress drop τ , the pore pressure has to increase of ( τ /μ)(1 + μ 2 ). Using the typical range of the friction coefficient of μ = 0.6-0.85 (e.g. Byerlee 1978), our results suggest underlying pore pressure changes in the range of 20-45 MPa. For this estimation, we have neglected any shear stress changes on the fault induced by the pore-pressure or any aseimic shearing. Both poro-elastic coupling and non-seismic slip might alter the estimated values, but an appropriate modelling of it seem to be infeasible due to limited data and information (see also Section 4 for further discussion). Fig. 9 shows the events for which we calculated negative stress values, CFS(t i , x i ) < 0, at their occurrence time t i and location x i . The colours indicate those places showing a significant amount of CFS-deficit up to 30 MPa and more. A kind of finger structure can be identified, which indicates regions where fluid-induced stress was probably largest.
Migration patterns of the seismicity
The migration patterns of seismicity can give further clues concerning the underlying triggering mechanism. Previous investigations of the swarm 2000 events suggest that pore pressure diffusion related to intrusion of fluids from a high pressure source might have been, at least partially, responsible for triggering the activity (Parotidis et al. 2003; Hainzl 2004; Hainzl & Ogata 2005) . These studies are based on the assumption that earthquakes map the advance of the pore pressure front; that means, the seismic rupture does not advance or fall behind the pore pressure front. In particular, it is assumed that the diffusivity of the rock is constant and that the pore pressure field is decoupled from seismic rupturing and related stress changes. This is in contrast to, for example, the model of Yamashita (1999) where the effect of dynamic pore creation is considered. Ignoring such coupling effects, the disturbance of the pore-pressure field can be described by the diffusion equation
In homogeneous isotropic medium, its solution for a point pressure source gives the distance r of the propagating pore pressure front from the pressure source as r = √ 4π Dt (Shapiro et al. 1997 ), where t is the time since the first contact of the pore pressure source with the host rock and D is the hydraulic diffusivity.
Rock properties are, however, expected to be anisotropic in general, because of strong heterogeneities like faults acting as permeable channels on the one hand, or as impermeable barriers on the other hand. Furthermore, the stress field is heterogeneous due to stress gradients originating from density contrasts between fluid and rock or heterogeneous tectonic stress. The combination of both heterogeneities necessarily results in a preferred orientation of the fluid flow. Consequently, the seismicity front is expected to depend on the direction. The data of West-Bohemia/Vogtland swarms show a clear directional dependence of earthquake migration. This is illustrated for the 2008 swarm in Fig. 10 . Although the earthquake migration into strike-direction is hardly explainable by fluid diffusion, the migration in dip-direction could be very well fitted by the pore pressure front curves. However, it requires different hydraulic diffusivities for up-dip and down-dip directions. The estimated down-dip diffusivity (D = 0.1 m 2 s −1 ) is only one-third of the up-dip value (D = 0.3 m 2 s −1 ). Furthermore, in down-dip direction, the migration stops completely after approximately 9 days, whereas the migration continues in up-dip direction. This discrepancies point to inadequacy of the diffusion model for explaining the earthquake migration and reveals the need of an alternative model. In the next section, we discuss the applicability of a hydraulic fracture model to explain the observed seismicity migration.
An interesting observation in Fig. 10 is the occurrence of foreshock activity preceding the initiation of the two sub-swarms at day 2 and day 4. These foreshocks occurred with an almost constant rate between 0.3 and 1.7 days at x strike ≈ −0.3 km and x dip ≈ 0.2 km and between 2.7 and 3.8 days at x strike ≈ −1.2 km and x dip ≈ −0.2 km in direct vicinity of the initiation point of the subsequent sub-swarm nucleation. This observation might be explained by a sealed area, which inhibits fluid flow and thus leads to a progressive pressure build-up until the seal was broken. During pore pressure build-up, the continuous increase of pore pressure probably brought the same fault patches repeatedly to failure. Thus, these events might be seen as a sensor for a persisting pore pressure increase.
Pore pressure estimation based on a hydrofracture model
The pore pressure diffusion model is only appropriate in the limit of poro-elasticity, that means, if non-linear effects such as the creation of pore-volume can be neglected. If the involved fluid pressure exceeds the minimum confining pressure, hydrofracturing of intact rock will occur. This leads locally to open channels for fluid transport and thus strongly changes the local permeability and hydraulic properties. In this section, we apply the model of hydrofracture growth of Fischer et al. (2009) and Dahm et al. (2010) to fit the migration pattern of the swarm activity. This presumes that, instead of pore pressure diffusion in isotropic intact medium, the highpressure fluid injection have resulted in subsequent opening of the fault zone and related fluid flows that are driven, in addition to the injection itself, by stress gradients.
A hydrofracture in homogeneous rock should open against the direction of the minimum stress component σ 3 . Various stress studies of the swarm earthquake region agree on sub-horizontal σ 3 trending ENE-WSW. In particular, the inversion of focal mechanisms of the 1997 swarm, which took place only 2 km north from the 2008 swarm, gave σ 3 orientation 262
• /23
• (azimuth/plunge) (Vavryčuk 2002) . A similar inversion for the 2008 swarm gave σ 3 orientation of 237
• /1 • (Vavryčuk 2011) . The angle θ (see Fig. 8 ) between the possible σ 3 direction and the normal to the fitted fault plane with a strike of 176
• and dip of 74
• thus ranges from 8
• to 32
• . The slightly unfavourable orientation could be explained by reduced strength of the pre-existing fracture zone indicated by precursory seismicity in the same plane. The pre-existing fracture that bears some shear traction would then open in tensile mode sooner than a newly created pure tensile fracture. Note also that for the Griffith failure envelope fracture opening is possible for θ < 22.5
• (Fischer & Guest 2011) , which seems to be fulfilled in our case. As illustrated in Fig. 8 , the normal traction required for fracture opening shows only a weak dependence on the fracture orientation θ (in the form of cos2θ ) so that fracture cohesion plays stronger role than orientation.
The applied analytical hydrofracture model considers the effect of stress and pore pressure gradients on growth. In particular, it is based on plane strain linear elastic fracture mechanics and further considers 1-D laminar flow, the opening shape of the fracture and a Griffith fracture criterion. We exploit that the post-injection phase is described in this model by self-similar solutions, which depend only on the stress gradient and the injection pressure and which predict a parameter-independent length increase of the fracture after the injection stops. In the following, we assume that the underlying hydraulic fracture is mapped by the induced seismicity. Furthermore, we assume for simplicity (i) a constant fluid overpressure P 0 at the injection point, which is itself estimated by the central point of the first ten earthquakes in the sequence; and (ii) a constant fluid injection rate during the injection period. According to the observed Figure 10 . The migration of activity of the 2008 swarm in strike (upper plots) and dip direction (bottom): the whole swarm period (panels a and c) and the initiation phase only (panels b and d). Although the migration in strike-direction is rather irregular, the migration in dip-direction can be described by diffusion-type migration in dip direction. However, the corresponding hydraulic diffusivity has to be chosen differently in up-and down-dip directions, namely 0.3 m 2 s −1 (upper dark line) and 0.1 m 2 s −1 (bottom light line), respectively. Black dots mark M ≥ 0.5 earthquakes whereas grey dots refer to smaller events. data (see Fig. 10 ), the rupture growed in two dimensions within the first 9 days. As a result of mass conservation, the extension (radius) should grow with square-root of time, r ∼ √ t, if negligible infiltration of the injecting fluid into the surrounding rock occurred and the rupture width is approximately constant . Thus, the expected migration of the seismicity front is in the case of the hydrofracture model equal to that in the fluid diffusion model. In the presence of a gradient dp/dx of the confining pressure, however, the hydrofracture model predicts an asymmetric fracture growth, which is indeed observed. Fischer et al. (2009) derived the functional dependence of rupture extension of the shorter fracture wing a s as a function of the length of the longer wing a l and the stress gradient γ according to
where γ is the normalized stress gradient γ = |
Please note that the model of Dahm et al. (2010) , which is based on a fracture mechanical approach, predicts the same functional dependence on the normalized stress gradient with a slightly scaled stress gradient, namely γ d = (π /2)γ . After the end of injection, the same model predicts only a short phase of a continuation of the asymmetric bi-directional growth (Dahm et al. 2010) . Thus, the end of the bidirectional growth can be approximately related to the end of fluid injection. Based on the observed seismicity, the hypothesized fluid injection lasted for the first approximately 9 days in the case of the year 2008 swarm. In the case of an external stress gradient, the bi-directional growth is then followed by a unilateral growth in direction of decreasing confining pressure. This uni-directional fracture growth leads to decreasing fluid pressure on the short fracture wing. The position defining the onset of decreasing stress is propagating behind the fracture tip and is therefore called backfront. The position of this backfront should be related to ceasing of the observed seismicity. Dahm et al. (2010) showed (eq. 23 in their paper) that this backfront is again only dependent on the position of the propagating fracture tip (forefront). Another prediction of the hydrofracture model is that the unilateral growth stops if the stress at the fracture tip cannot exceed the fracture toughness any more and that the maximum extension of the rupture depends only on the final length at the end of the bilateral growth, namely it exceeds the latter by a factor of 2 The advantage of this hydrofracture model is that it is formulated based on geometrical properties, which can be derived from seismicity. Thus, we can use the observed migration of the seismicity front in up-dip position (equivalent to the length a l (t)) to predict the down-dip rupture extension as well as the backfront and maximum extension. The free fitting parameter is in our case the driving stress gradient along dip direction γ = sin (dip) γ v where γ v is the vertical stress gradient. We estimated γ by fitting the down-dip extension a s (t) with eq. (2) in the time period of bi-directional growth. Fig. 11(a) shows that the resulting value of γ = | yields a good fit, which is even better than the fit of diffusion-type migration with reduced hydraulic diffusivity (see Fig. 10d ). Afterwards, in the time period of unilateral hydrofracture growth, the model forecasts the backfront position only on basis of the updip position without any free parameter. The same holds also for the maximum up-dip extension, which is directly determined by the extension of the bi-direction rupture. Thus, both backfront and maximum extension are real predictions of the model. These model predictions are shown in Fig. 11(b) . The fore-and backfront is found to enclose the major seismicity and the up-dip extension of the seismicity cloud is almost exactly limited at the value predicted by the hydrofracture model (indicated by the upper horizontal line).
The agreement of the predictions with the observation gives us the possibility to exploit the model to estimate the overpressure P 0 at the injection point in the first swarm phase. The driving gradient dp/dx is most likely related to the density contrast between the rock and the fluid. Thus, the absolute stress gradient can be approximated by γ P 0 = sin (dip) (ρ r − ρ f ) g with g being the gravity acceleration and ρ r and ρ f being the rock and fluid densities, respectively. Using the dip-value of 74
• , a rock density of ρ r = 2.6 g cm −3 and the estimated value for the normalized gradient of γ = 0.6 km −1 , leads to the estimation P 0 = sin (dip)(ρ r − ρ f )g/γ ≈ 1.6 × (25.5 − ρ f g) MPa with ρ f g given in units of MPa (alternatively, P 0 ≈ (25.5 − ρ f g) MPa, if the rescaled value, γ d = (π /2)γ , is used according to Dahm et al. 2010) . This gives us an estimation of the upper limit of the injection overpressure of approximately 40 MPa (25.5 MPa) if the fluid density is negligible. For water, the estimation yields approximately 25 MPa (15.5 MPa). For denser fluids like magma, this value is further decreased.
D I S C U S S I O N
Seismicity patterns can be used to clarify the role of fluids in the generation process of the earthquake swarms. Previously, the presence of fluids in Western Bohemia have been deduced based on the observed diffusion-type migration pattern (Parotidis et al. 2003) and the detection of non-aftershock-type earthquake clustering revealed by statistical analysis and modelling (Hainzl 2004; Hainzl & Ogata 2005) . However, previous studies did not provide any quantitative estimate of the underlying pressure changes. Here, we tackle this challenging task by analysing the seismicity patterns of the recent two large swarms in the region. We provide estimations based on two independent methods. Although each of these estimations on its own involves rather large uncertainties, the combination of the independent results enable more reliable conclusions.
The first method is based on Coulomb-stress calculations to quantify the underlying pore-pressure changes. The underlying idea is simple: Where stresses have been already relaxed by preceding earthquakes, an earthquake nucleation can only be explained if the stress deficit is balanced by aseismic forcing. Because tectonic forcing is negligible in the analysed region on the considered timescale, it is likely that the stress deficit is a direct measure of the underlying pore-pressure change. Although the idea is simple, a robust estimation of the stress value at a particular earthquake hypocentre is difficult. Uncertainties are involved particularly in hypocentre locations and slip estimations. Because of the stress singularities at the edges of the ruptures, the estimated stress value at a particular site is very sensitive to these uncertainties. Thus, the interpretation of specific stress values at particular sites is meaningless, whereas the overall distribution of calculated stress values have been shown to contain important information. By means of synthetic data, we found indications for an additional pore-pressure increase of up to several tens MPa (see Fig. 7 ). The observed values translate into an underlying pore-pressure change of 20-45 MPa assuming a typical range of the friction coefficient of 0.6-0.85.
The second method relies on the interpretation of some general features of the swarm evolution, namely the propagation of the seismicity front. Seismicity spreading can be often modelled by pore-pressure diffusion, which can be seen as a first-order approximation in the case of a poro-elastic medium response (Shapiro et al. 1997; Parotidis et al. 2003) . In this case, earthquakes are representing localized shear fracturing of intact rock, or the reactivation of pre-existing shear zones, due to incremental changes of the effective load rather than expressing an ongoing larger fracturing (Cornet et al. 2007) . We find that the diffusion model only fits the observations in dip-direction, if different hydraulic diffusivities are assumed for up-dip and down-dip direction. This is not easily explainable. However, this model cannot be expected to work in the presence of stress gradients and in the non-linear regime when the involved stresses are too high and intense cracking occurs. The estimated high pore-pressure changes and the asymmetric and almost planar growth indicate that this might be the case in Western Bohemia. Thus a hydrofracture model might be more appropriate to explain the observed seismicity pattern. We fitted the model of Fischer et al. (2009) and Dahm et al. (2010) describing a growing hydrofracture, which is driven by an overpressure source. Here we assumed that the injection point is indicated by the first earthquakes of the swarm activity. The hydrofracture model yields forecasts of the asymmetric growth and the evolution of the backfront as well as the maximum extension of the fracture as a function of an underlying stress gradient. The model is particularly useful for our purpose, because it is formulated based only on geometrical features of the hypocentre cloud, which is assumed to represent the underlying hydrofracture. In horizontal direction, the migration is rather complex and only unilateral. This might be explained by a sharp material boundary or a strong horizontal stress gradient. Although the horizontal stress gradient is unknown, the gradient in dip direction might be directly related to buoyancy forces, that means, the density contrast between the rock and the fluid. The application of the hydrofracture model to the observed migration in dip-direction yields an excellent fit to the data similarly to that previously obtained for fluid-injection experiments (Dahm et al. 2010) . Our fit yields an estimation of the fluid overpressure inside the fracture of approximately 15-25 MPa for water. Due to fluid infiltration into the fault region (gauge zone), the same order of pressure changes can be expected at the locations of the shear fractures (earthquakes). Note that the latter pressure change was estimated by our first methodology.
Thus, both different methods lead to very similar estimations of the underlying pore pressure increase, which gives us some confidence in our results. Nevertheless, it is important to note that our analysis relied only on seismic signals. Thus we cannot give any estimate of the total stress amplitudes, like the pre-existing shear stress. Furthermore, we did not explicitly account for non-elastic processes such as for example, non-seismic motions observed in the geothermal site at Soultz-sous-Forêts (Scotti & Cornet 1994; Calò et al. 2011) , or strength variations due to stress corrosion and healing processes (Scholz 2002) . The explicit modelling of those processes would require additional observational constraints and assumptions, which is beyond our scope. In particular, we find no indications that aseismic motions beside pore-pressure increases and hydrofracturing took place in our case. Although stress corrosion might explain aftershocks, which were triggered by the largest earthquakes in the swarm sequence (Hainzl & Fischer 2002 ), it will be always competed by healing processes. Thus it is difficult to quantify the net effect with regard to our estimations. Anyway, both processes, aseismic slip and strength variations, would mainly affect our estimation based on static stress changes, whereas the second estimation based on the geometrical growth of an underlying hydrofracture is expected to be more robust. Our finding that both different methods lead to very similar estimations of the underlying pore pressure changes indicates that the ignored processes might play a minor role in our case.
CONCLUSION
In Western Bohemia/Vogtland, seismicity is dominated by episodic earthquake swarm activity. Previous investigations indicated that fluids and their related pore-pressure changes played an important role for the earthquake generation in this region. However, no quantitative estimation of the involved pressure changes have been given so far. Here, we made a first attempt for a quantification based on the observed seismicity pattern of the recent two large earthquake swarms in this region. We make use of a combination of alternative approaches to increase the robustness of our estimation. Based on stress-calculations and hydrofracture modelling, we find that the pore-pressure increase responsible for the initiation and driving of the activity was likely in the order of 20-30 MPa.
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